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ABSTRACT. We conducted a seismic and radar survey of the central part of midtre Lovénbreen, a small,
polythermal valley glacier in Svalbard. We determined the physical properties of the material beneath
the glacier by measuring the reflection coefficient of the bed by comparing the energy of the primary
and multiple reflections, and deriving the acoustic impedance. By making reasonable assumptions about
the properties of the basal ice, we determined the acoustic impedance of the bed material as
(6.78��1.53)�106 kgm–2 s–1. We interpret the material beneath the glacier to be permafrost with up to
50% ice, and we speculate that the material may be frozen talus similar to a deposit observed directly
by others beneath another Svalbard glacier. The implication for midtre Lovénbreen is that the basal
material beneath the present glacier is not able to support fast flow. We conclude that midtre
Lovénbreen has most likely had limited capability for faster flow in the past, with motion dominated by
internal deformation. Midtre Lovénbreen is used as a ‘study glacier’ for the scientific community in
Svalbard, and a large number of studies have been based there. Our results show that it cannot be used
as an analogue for larger glaciers in Svalbard, having distinct basal boundary conditions.

INTRODUCTION
Svalbard glaciers make a significant contribution to con-
temporary global sea-level rise (0.056mma–1; Dowdeswell
and others, 1997; Van der Wal and Wild, 2001). Quantifica-
tion of current mass-balance trends of these glaciers is
therefore important for predictions of future sea level. This is
being accomplished by extrapolation of the results of
detailed studies of a small number of glaciers with long
mass-balance records, one of which is midtre Lovénbreen
(Hagen and Liestøl, 1990; Lefauconnier and Hagen, 1990;
Dowdeswell, 1995; Fleming and others, 1997; Hagen and
others, 2003). Mass balance is controlled by surface
conditions (accumulation and ablation), basal conditions
(melting or freezing) and ice dynamics (mass movement
from colder to warmer regions).

A number of studies have addressed the surface boundary
conditions of midtre Lovénbreen (e.g. surface energy
balance (Arnold and others, 2006) and superimposed ice
formation (Wadham and others, 2006)), but information
about basal boundary conditions and hence likely ice
dynamics is more limited. The topography of the bed is
known from radar surveys that also determined the distri-
bution of cold and temperate ice (Björnsson and others,
1996; Rippin and others, 2003). The hydraulic properties of
the bed were determined in one region of the glacier by
Kulessa and Murray (2003) who drilled five boreholes and
found little or no hydraulic conductivity in four of them.
Prior to this study, the only spatially extensive information
about the bed of the glacier came from studies of the
forefield (Glasser and Hambrey, 2001), but this may not be
representative of the majority of the current bed because
forefield sediments overlie Carboniferous and Permian
sedimentary rocks while the glacier overlies Proterozoic
metamorphic rocks (Hjelle, 1993).

Ground-penetrating radar is sensitive to dielectric proper-
ties and was used here principally to determine the internal

structure of the glacier, in particular the distribution of
temperate ice. Seismic surveying measures the acoustic
properties of the subsurface, and seismic energy is better
able to penetrate below the bed of a glacier, while remaining
relatively insensitive to the internal structure. The two
methodologies therefore complement each other. The key
aim of this paper is to determine the nature of the bed of
midtre Lovénbreen using seismic investigation and draw
implications for the past and future dynamics of the glacier.

LOCATION AND PREVIOUS WORK
Midtre Lovénbreen (78853’N, 12803’ E) is a polythermal
glacier in northwest Spitsbergen, in the Svalbard archipelago
(Fig. 1). The glacier is approximately 5 km long and 1 km
wide, has a maximum thickness of approximately 180m and
terminates on land. It has an elevation range of 50–
460ma.s.l. and the equilibrium-line elevation is 400m
(Björnsson and others, 1996). Data collected by the Nor-
wegian Polar Institute on midtre Lovénbreen constitute one
of the longest records of mass balance in the Arctic, covering
nearly 40 years since 1967/68 (Hagen and Liestøl, 1990;
Lefauconnier and others, 1999). Over this period, the glacier
had a mean negative mass balance of –0.37ma–1w.e. The
mean rate of elevation change has been increasing since the
1930s (Kohler and others, 2007) from 0.15ma–1 for the
period 1936–62 to 0.69ma–1 between 2003 and 2005.
Retreat over the last 100 years has been about 1 km, and
volume losses over the same time have probably been
approximately 25%, based on former marginal positions and
trimlines (Hansen, 1999). The volume loss between 1967
and 1988 was measured by Hagen and Liestøl (1990) as 10%
of the 1967 volume.

Ice thickness and bed topography have been mapped by
radar (Björnsson and others, 1996; Rippin and others, 2003).
The maximum ice thickness is about 180m. Velocities on
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the centre line of midtre Lovénbreen range from 4.4ma–1

(Björnsson and others, 1996) to 7.3ma–1 (Liestøl, 1988) and
the flow is not sufficient to replenish the ablation zone, so
the surface profile is steepening (Hagen and Liestøl, 1990).
Borehole measurements have shown that the base of the
central part of the glacier is at the pressure-melting point
(Björnsson and others, 1996) and that the hydraulic
conductivity of the bed is low (Kulessa and Murray, 2003).
A basal layer of temperate ice is situated in the central upper
part of the glacier, with a maximum thickness of approxi-
mately 50m (Björnsson and others, 1996). The polythermal
boundary is marked on high-frequency radar by the onset of
extensive scattering.

DATA ACQUISITION AND PROCESSING
Three lines were surveyed on the middle section of the
glacier using both seismic and radar techniques, two
transverse to glacier flow and one longitudinal (Fig. 1). The
lines were located to cross the boundary between temperate
ice and cold ice at the glacier bed, and were positioned
using hand-held global positioning system (GPS) receivers

and an electronic distance meter (EDM). Surface elevation
profiles were measured with theodolite and EDM. The line
locations are summarized in Table 1. While acquiring the
seismic reflection data we also fired some larger charges
with greater shot-to-geophone separations (wide-angle/
refraction shooting) to determine seismic wave speeds in
the subsurface.

Seismic data
Acquisition and processing: reflection data
The seismic reflection data were collected using 80 g (line
TRAN1) or 120 g (lines TRAN0 and LONG) high-explosive
charges fired in 20m deep holes drilled using a hot-water
drill. The receiver spread comprised 24 100Hz geophones,
distributed 12 either side of a centrally placed shot. The data
were sampled at a 0.1ms interval after an analogue
bandpass filter (4–1000Hz) was applied, using a Bison
9024 seismograph. Record length was 400ms, sufficient to
record both the primary reflection from the glacier bed and
its first multiple. The shot and geophone intervals were 20
and 10m, respectively, resulting in six-fold coverage and a
maximum source–receiver offset of 115m. The data proces-
sing is summarized in Table 2. The seismic signals have a
very wide bandwidth of approximately 100–900Hz, be-
cause the shots were fired in ice, and the snow cover, which
usually attenuates high frequencies, was thin. The source
wavelet is of short duration, as would be expected from an

Fig. 1. Location of seismic lines on midtre Lovénbreen. Surface
elevation in metres above sea level. Longitudinal lines are flow unit
boundaries from Hambrey and others (2005). Inset shows study
area in Svalbard archipelago.

Fig. 2. Wide-angle reflection/refraction record from line LONG.
(a) Seismic data composited from two shots fired at 155m on line
LONG to produce a 48-channel record with 10m spacing between
the geophones. The first arrival is the direct wave through the ice,
which has a constant velocity of 3750m s–1. The second arrival is
the reflection from the bed of the glacier, which fades out at the
540m distance point. On the outer channels, the second arrival is
the refraction from the bedrock surface. The lines show the arrival
times of rays traced through the model depicted in the inset (b).
(c) Average wavelet derived from the unprocessed shot records.

Table 1. Line locations

Latitude Longitude Eastings
(ED50)

Northings
(ED50)

UTM
zone

LONG_start 78.87537 12.03657 436268 8757892 33X
LONG_end 78.88322 12.06185 436856 8758739 33X
TRAN0_start 78.88244 12.02899 436145 8758688 33X
TRAN0_end 78.87996 12.06368 436877 8758374 33X
TRAN1_start 78.88032 12.02615 436072 8758455 33X
TRAN1_end 78.87694 12.05884 436756 8758042 33X
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impulsive source (Fig. 2c). The peak frequency of the source
wavelet is about 700Hz. The final processed sections have a
peak frequency of about 350Hz following bandpass filtering
and stacking.

The charges were fired at 20m depth in order to minimize
the amplitude of surface-coupled shear waves (ground roll),
which for shallower shots cause interference with the
reflection from the bed of the glacier. The only significant
disadvantage of firing the shot at 20m is the presence of a
shot ghost following the primary reflection, that is energy
that travelled upwards from the shot, reflected off the surface
and then followed a similar ray path to the energy direct
from the shot. For display purposes only, the shot-ghost
energy was largely removed from the reflection records
using a predictive deconvolution operator.

To investigate any changes in the material properties of
the glacier bed, it is necessary to measure relative changes in
the amplitude of the bed reflection. In surveys with multi-
fold acquisition, each trace of the final processed record is
the sum of traces from different shots and different
geophones. This process averages out any random variation
in the amount of seismic energy generated by each shot. This
means that relative amplitude variations in the bed reflection
are not obscured by changes in the input energy. However,
in our case, the fold is low (six-fold) so the effect of
averaging is weak and two or three shots that were stronger
or weaker than normal could produce spurious amplitude
variation in the final processed section. Analysis of the
amount of energy transmitted direct from shot to geophones
showed considerable variation (Fig. 3). Hence we included a
processing step that assessed shot-to-shot energy variation
then applied a scalar multiplier to balance the shots prior to
normal move-out correction and stacking (for details of the
method, see the Appendix).

Acquisition and processing: wide-angle reflection/
refraction data
We recorded data on line LONG in a wide-angle reflection/
refraction configuration. Shots were fired at 20m depth
at points 155 and 665m along the line into reversed
48-channel arrays. Charge size was 300 g and the max-
imum source–receiver offset was 475m. Figure 2a shows

the record for the shot at 155m. The first arrivals are the
direct waves through the ice, travelling at 3750�50m s–1.
The next arrival, which was recorded at the closest
geophone at 69ms, is interpreted as the reflection from
the bed. This event fades out at an offset between shot and
geophone of 385m (540m distance) and is not seen on the
last nine traces, so there is no wide-angle reflection or
refraction from the bed of the glacier at larger shot–receiver
offsets. On the last nine traces, there is an almost linear
event that arrives between 128 and 148ms. We make two
observations concerning this event. Firstly, the event is
delayed 3–4ms compared with a linear extrapolation of the
bed reflection. Secondly, the event has the same polarity as
the bed reflection and direct wave. The strongest hypoth-
eses for the origin of this event are that it is the headwave
from the top of bedrock or that it is the wide-angle
reflection of the surface ghost. The surface ghost has
opposite polarity to the bed reflection, so this is ruled out as
an explanation. We discuss the results of a test of the
hypothesis that the event is the headwave from the bedrock
interface in the next section.

Radar data
The radar data were acquired with a pulseEKKO 100 ground-
penetrating radar system, using an antenna separation of
2.0m, a stop–go mode of acquisition with a station spacing
of 0.5m, and antennae with a centre frequency of 100MHz.
Two common-midpoint surveys were conducted for velocity
control. A basic processing sequence was used that involved
bandpass filtering (60–120MHz pass band), spherical
divergence correction, elevation correction and migration.
The elevation correction and migration were both done
using a wave speed in ice of 0.168mns–1. A more detailed
analysis of these data was presented by Hambrey and others
(2005). Here we use the data only to provide a measure of
the depth to the bed and to the temperate ice surface.

RESULTS
The seismic and radar data for the three lines are shown in
Figures 4–6. On the seismic lines there are few coherent
reflections from within the glacier. The bed is a prominent
positive polarity event, indicative of an interface with an
increase in acoustic impedance (the product of seismic wave
speed and density). The glacier is 90–160m thick in the
region of our survey. A second reflection follows the bed
reflection at a variable delay time of 3–8ms on most of the
records, suggesting a basal layer of some kind.

Fig. 3. Shot energy for line LONG. Summed energy from all
channels for first 40ms of each shot. Differences from shot to shot
may be due to local variations in the properties of the ice around
the charge. Increasing trend down-glacier may correlate with
cumulative ablation, exposing formerly deeper ice.

Table 2. Seismic processing sequence

Data input
Edit bad traces
Assign geometry
Elevation correction
Balance shots based on first arrival energy
Apply dip move-out correction
Six-fold stack
Migration

For display:
Bandpass filter (pass band 80–700Hz)
Deconvolution for shot ghost removal
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The main feature of the radar profiles is the region of
higher-amplitude scattering near the bed of the glacier. This
scattering region, reported first on this glacier by Björnsson
and others (1996), is interpreted as the temperate ice zone.

Seismic velocities and depth conversion
We have two objectives here. Firstly we wish to determine
the acoustic wave speed in the bedrock beneath the glacier,
and secondly we wish to compare estimates of the thickness
of the glacier based on seismic and radar data in order to
answer the question ‘Are acoustic and electromagnetic
waves reflecting off the same interface at the glacier bed?’.

The radar data show the distribution of temperate and
cold ice beneath the survey lines. The acoustic wave speed
in the cold ice was measured from the direct arrival on the
shot records (Fig. 2) at 3750� 50m s–1. The wave speed in
the temperate ice is assumed to be 3630�30ms–1 (Atre and
Bentley, 1993). To construct an initial velocity model, we
used these wave speeds, the surveyed surface profile, the
depth to the cold-ice/warm-ice boundary, and the depth to
the bed (both derived from the radar data using a radar wave
speed of 0.168mns–1; Hambrey and others, 2005). We also
included a 1.1m thick snow layer, based on short-offset
refraction data, together with snow pits measured at the time
(Arnold and others, 2006) and our own observations from
shot-hole drilling. We calculated an average velocity of
888� 26m s–1 for the snow layer, based on a reversed
refraction profile at one location on line LONG. We traced
ray paths through the model from shot to receivers using the

rayinvr software (Zelt and Smith, 1992) (Fig. 2b). This
modelling was conducted for both up-glacier and down-
glacier shooting directions and gave good agreement
between model and observation for the bed reflection and
a good match to the apparent velocity for energy refracted
along the bedrock surface. However, the initial results
produced arrival times lower than the observed times for the
bedrock headwaves. We therefore introduced an additional
layer beneath the glacier, with a lower velocity than the ice
(such that no headwaves would be produced from its upper
surface), and produced a better arrival time match. The
introduction of this extra layer beneath the glacier bed is
compatible with the observation of an event on the
reflection profile (Fig. 4a) which arrives after the bed
reflection. The model bedrock velocity that gave the best
match to the apparent velocity on both up-glacier and
down-glacier shots was 4850� 110m s–1.

We next compare ice-thickness estimates for seismic and
radar techniques for each of the three survey lines. The
velocity model developed for ray-tracing analysis of line
LONG was effective for determining a bedrock refraction
velocity but represented the temperature structure of the
glacier only as a bimodal cold-ice/temperate-ice case. A
step-change in temperature and acoustic wave speed is
unrealistic and was improved upon in the following way.

We first developed a temperature model by assuming that
the temperate-ice/cold-ice boundary (as determined from the
radar profiles) is the 08C isotherm, and that outside the area
of temperate ice the bed is at 08C (i.e. at the pressure-melting

Fig. 4. Seismic and radar data for line LONG. (a) Seismic data. Ice flow is from left to right. An elevation correction to a datum at 260ma.s.l.
has been applied. The first reflection (B) is the glacier bed. The second reflection (T), 3–5ms later than the bed reflection, is interpreted as the
base of a layer of permafrost which may be frozen talus. Elevation scale is based on an average wave speed in ice of 3750m s–1. (b) Inset
shows the first 360m of the line with an extended time axis. The multiple of the bed reflection is marked M. Vertical axis is time in
milliseconds below the static correction datum. In this representation, the arrival time of the multiple is not double the arrival time of the bed
reflection. (c) Radar data. Dipping reflectors intersecting the surface suggest that ice from progressively deeper within the glacier is exposed
at the surface, with increasing distance downstream. Diffraction from a detonator wire in one of the seismic shot holes is marked W. Higher-
amplitude reflections near the bed 70–750m along the profile are from the zone of temperate ice. Elevation scale is based on a wave speed
in ice of 0.168mns–1.
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point as this is a relatively thin glacier). Robin (1958) showed
that a rapid decrease in seismic velocity with increasing
temperature begins 0.3–0.58C below the pressure-melting
point, hence we expect that the change in seismic wave
speed between cold ice and temperate ice will begin at the
–0.58C isotherm. We assumed that the temperature gradient
in the lower part of the glacier is 28C (100m)–1, based on
borehole temperature measurements (Björnsson and others,
1996). Thus the –0.58C isothermwasmodelled at 25m above
the top of the temperate ice or the bed (Fig. 7).

We observed a wave velocity of 3750�50ms–1 from the
long-offset records shot on line LONG and we take this as the
cold-ice velocity, using it for all ice colder than –0.58C. We
take the temperate ice velocity to be 3630�30ms–1 (Atre
and Bentley, 1993) and use this for all ice at 08C. We apply a
linear transition between these two temperature zones.

Hence, for each line we produced a velocity model (the
TRAN0 model is shown as Fig. 7) and calculated bed depth
below surface using the seismic reflection data. Our calcula-
tion of ice thickness from the seismic data has an estimated
accuracy of �2.5m, based on uncertainty in the velocity
measurements and in the onset times for the bed reflection.

We compared the seismic ice-thickness measurements to
those derived from the radar reflection travel times, using a
uniform velocity for the radar wave speed of 0.168mns–1

(Hambrey and others, 2005). The estimated accuracy of the
radar-derived ice thickness is �1m. Figure 8a–c show that
there is no significant difference between the seismic and
radar-derived ice thicknesses on all three lines. We conclude
that the two techniques are imaging the same interface.

Uncorrected variation in the snow depth from our
average value may account for the small differences in ice
thickness calculated from seismic and radar data (Fig. 8).
The electromagnetic wave speed in snow is faster than in

ice, while the acoustic wave speed in snow is slower than in
ice. Therefore any small variation in snow thickness is
exaggerated when computing the thickness of the glacier
using the two methods.

Properties of the bed material from seismic analysis
Acoustic impedance at the bed
The strength of a seismic reflection from an interface such as
the glacier bed is dependent on the contrast in physical
properties on either side of the interface. To determine the

Fig. 7. Example of the velocity model used to convert seismic travel
times to depths. Measured seismic wave velocities were
888� 26m s–1 in snow and 3750� 50m s–1 in cold ice. We used
a temperate-ice wave velocity of 3630� 30m s–1 in temperate ice.
The transition between cold and temperate ice is assumed to be
linear over a 25m zone, a value determined by the temperature
gradient measured by Björnsson and others (1996).

Fig. 6. Seismic and radar data for line TRAN0. (a) Seismic data.
Annotation as for Figure 4. (b) Radar data. The warm ice layer is
about 30m thick.

Fig. 5. Seismic and radar data for line TRAN1. (a) Seismic data. Ice
flow is into the page. Reflector B is the bed, T is the base of the
frozen talus layer and M is a peg-leg multiple within that layer.
(b) Radar data. The warm ice zone is about 50m thick in the
deepest part of the line.
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physical properties of the basal materials, we proceeded as
follows. The reflection coefficient of the bed was determined
by comparing the ratio of the energy in the bed reflection to
that in its first multiple, using the relationship (which
assumes that surface reflection is without loss of energy)
(modified after Roethlisberger, 1972):

E1
E2

¼ 4
R2 e

4ah: ð1Þ

E1 and E2 are the wavelet energies (the sum of the squared
amplitude values; in our case over the first period of the
wavelet) of the bed and multiple reflections, respectively.
R is the amplitude reflection coefficient, h is the ice
thickness and a is the amplitude attenuation coefficient
(note that Roethlisberger (1972, p. 9) used an attenuation
coefficient defined in terms of energy, rather than ampli-
tude). The reflection coefficient (R) is proportional to the
acoustic impedance contrast at the reflecting interface:

R ¼ Zb � Zi

Zb þ Zi
: ð2Þ

Zb is the acoustic impedance (the product of compressional
wave velocity and density) of the bed material and Zi is that
of the basal ice. We have observations of E1/E2 and h; Zi lies
within a range that we will estimate, allowing us to
determine Zb.

The basal ice at midtre Lovénbreen has not been
sampled, so we consider two cases that cover the range of
possible circumstances. In the first case we assumed clear
ice near the bed and in the second we assumed a basal ice
layer of a few metres with debris inclusions providing 10%
of the volume. Because the seismic and radar techniques
give the same values for the ice thickness (within the errors),
any sediment-laden basal ice layer can be no more than
about 2.5m thick. In each case we assumed reasonable
values for the density and wave speed in order to derive its
acoustic impedance, Zi. The minimum value for Zi is found
when the ice is sediment-free. In this circumstance the value

is (3.32�0.03)� 106 kgm–2 s–1, based on a wave speed
in temperate ice of 3630�30m s–1 and ice density of
915� 5 kgm3 (e.g. Smith and others, 2002). For sediment-
laden ice we assumed temperate ice with 10% rock
fragments. We estimated the bulk properties based on
simple proportions, using the Wyllie velocity equation
(Wyllie and others, 1956):

1
V

¼ �ice

Vice
þ �rock

Vrock
ð3Þ

� ¼ �ice:�ice þ �rock:�rock , ð4Þ
where V is wave speed, � is the proportion of ice or rock,
and � is the density of the components.

We used wave speeds of 3630�30m s–1 and densities of
915� 5 kgm–3 for ice. The rocks exposed in the headwalls of
midtre Lovénbreen are Proterozoic gneiss, mica-schist and
phyllite (Hjelle, 1993; Hambrey and others, 1999), with a
density range between 2400 and 2900 kgm–3 (e.g. Telford
and others, 1976), so we adopt a value of 2700� 200 kgm–3.
We take the wave speed in rock to be 4850�110m s–1

(from the seismic refraction results and Birch, 1942). These
assumptions give values for density for the debris-laden
ice of 1094�63 kgm–3 and for its wave speed of 3724�
44m s–1. We used an amplitude attenuation value of
0.8�10–3m–1, suitable for ice where the mean annual
temperature is about –108C (value converted from the energy
attenuation quoted by Jarvis and King (1993) and Smith and
others (2002)). The two end-member values for the acoustic
impedance of the basal ice (Zi) are therefore (3.32�0.03)�
106 kgm–2 s–1 for clean ice and (4.07�0.31)� 106 kgm–2 s–1

for debris-laden ice. It is most likely that the basal zone of
the glacier is debris-bearing, so we adopt the value of
(4.07�0.31)� 106 kgm–2 s–1 for Zi.

To calibrate the reflection coefficient, we measured the
wavelet energies of the bed and multiple reflections (marked
B and M, respectively, in Fig. 4b) on the near-offset traces of
shots on line LONG where the bed is parallel to the surface.
This occurs between 300 and 500m along line LONG
(Fig. 4a) (the bed dips downstream over this section because
the data are elevation-corrected; however, the surface dips
downstream with the same slope). This part of the bed is the
only part of the three lines that satisfies the assumptions of
Equation (1); elsewhere the general dip or local undulations
of the bed prevent the use of the method. We determined R
as 0.25�0.05 using Equation (1) and derived Zb from
Equation (2), using the value of Zi derived above. The
calculated value of Zb was (6.78�1.53)� 106 kgm–2 s–1.

The calculated value for Zb can be influenced by
reflectors in close proximity to the bed reflector. The ‘thin
bed’ effect (Widess, 1973) causes an increase in the
apparent reflection strength due to the constructive inter-
ference between wavelets reflected from the top and bottom
of a thin unit. In our case, both a layer of debris-laden ice
above the bed and the sub-bed unit have this potential. For a
basal ice layer with the properties described above,
constructive interference could result in an increase in
amplitude of 20–30% if the layer was 2m thick and the
upper surface was a sharp, rather than a transitional,
boundary. This situation would change the ratio of the
primary and multiple energy (Equation (1)) and produce
an apparent R value higher than the true one. For a 25%
enhancement by constructive interference, we find that
the calculated Zb would be (7.73� 1.38)�106 kgm–2 s–1, a

Fig. 8. Comparison of glacier thickness derived from seismic and
radar data. The radar-determined values are the solid black lines.
The seismic-derived values are the grey shading, representing
�2.5m around the best determination.
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https://doi.org/10.3189/002214308784409099 Published online by Cambridge University Press

https://doi.org/10.3189/002214308784409099


difference of 0.95�106 kgm–2 s–1. As this difference is less
than the uncertainty, constructive interference due to a thin
basal ice layer is not significant. In respect of the sub-ice
unit, the wavelet reflected from the base does not interfere
with the main lobes of the wavelet reflected from the top at
all points where the thickness is greater than 4m, based on a
wavelet period of 1.4–1.5ms (Fig. 2c) and a wave speed in
the sub-ice unit of 3300ms–1. The time separation between
the two reflectors on the section of line LONG where we
calculated the basal impedance is everywhere more than
3ms on the unprocessed shot records. Therefore the
derivation of the basal impedance is not influenced by
constructive interference associated with the sub-ice unit.

What is the bed material?
Thus our best estimate of the acoustic impedance of the bed
material is (6.78�1.53)�106 kgm–2 s–1. We now consider
what that bed material might be. Figure 9 compares this
impedance value with the impedance ranges for likely
subglacial materials. The values for the bedrock field are
those given above, based on a composition of gneiss, mica-
schist and phyllite. The water-saturated sediment field is
based on values published by Morgan (1969), Roethlisberger
(1972), Kurfurst (1976), Barrett and Froggatt (1978) and
Smith (1997). The permafrost data were compiled by Smith
and others (2002) from sources cited in that paper. The range
of impedance values (including the uncertainty) falls below
that of bedrock, mostly above that for water-saturated
sediments and bisects the field for permafrost. We conclude
that the bed material is either permafrost of some kind or
shares the acoustic characteristics of permafrost.

A number of theoretical and experimental studies have
been undertaken to determine the range of seismic velocities
in permafrost, and these were summarized by Carcione and

Seriani (1998). We used the model for unconsolidated
permafrost of Zimmerman and King (1986) to compute the
velocity and density of mixtures comprising bedrock, ice
and water with a range of values for porosity and water
saturation (Fig. 9). A wide range of values for porosity and
water saturation can provide a solution matching the range
of bed impedance. While at one extreme the measured bed
impedance can be matched by a mix of 92.5% bedrock and
7.5% water, the majority of the possible mixtures involve
some ice. We have no independent geophysical evidence
that would allow determination of where in the spectrum
between 50% rock : 50% ice and 92.5% rock : 7.5% water
the bed of midtre Lovénbreen lies.

One possibility is that the material beneath midtre
Lovénbreen is similar to the material observed in a natural
tunnel beneath Larsbreen, Longyeardalen, about 115 km
southeast of midtre Lovénbreen (Humlum, 2005; Humlum
and others, 2007) (Fig. 10). The main body of Larsbreen has
overridden an avalanche-derived rock glacier, creating a
layer between the main glacier ice and the underlying
bedrock that comprises interlayered ice lenses and layers of
clast-supported angular rock debris in an ice matrix.
Overall, the visually estimated volumetric ice content of
the rock glacier was 60–80% and the photographs indicate
that different bands have ice content between 100% and
30%. The interface between the bedrock and the rock
glacier was sharp and the bedrock surface showed no
indication of abrasion caused by basal sliding of the rock
glacier (Humlum and others, 2007).

Another possibility is that the material beneath the glacier
is a frozen diamict. The geophysical data cannot distinguish
grain-size differences at this scale. In seeking to distinguish
between these cases, we have to consider what is more
likely geologically and geomorphologically.

The geometry of the unit and the geological setting suggest
that it is reasonable to interpret the bed material as frozen
talus. On lines TRAN1 and TRAN0 (Figs 5 and 6) the unit
thickens towards the southeast margin of the valley, which is
consistent with it being a talus apron. The headwalls of
midtre Lovénbreen comprise gneiss, mica-schist and phyllite,

Fig. 9. Curve of constant acoustic impedance for the bed of midtre
Lovénbreen plotted in velocity/density space (units: 106 kgm–2 s–1).
Solid line is the value computed from the seismic data from line
LONG which is 6.78� 106 kgm–2 s–1; dashed lines show range of
uncertainty of �1.53� 106 kgm–2 s–1. Typical velocity/density val-
ues for bedrock, permafrost (diamonds) and water-saturated till are
shown (Morgan, 1969; Roethlisberger, 1972; Kurfurst, 1976; Barrett
and Froggatt, 1978; Zimmerman and King, 1986; Smith, 1997). Blue
lines are the values of velocity and density for a three-phase mixture
of ice, water and rock using the method of Zimmerman and King
(1986). Lines are loci of constant saturation in steps of 0.1. Crosses
mark porosity in steps of 0.05 from 0.0 to 0.5.

Fig. 10. Photograph taken in a subglacial tunnel beneath Larsbreen,
Svalbard, showing an avalanche-derived talus deposit overridden
by the glacier. The frozen talus comprises layers of clear ice and
layers of clast-supported angular rock debris (photograph courtesy
of O. Humlum, first published in Humlum, 2005).
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metamorphic rocks that are generally resistant to erosion
(Hjelle, 1993; Hambrey and others, 1999). The glacier is
small in size, has a low flowspeed and is mostly cold-
bedded; therefore, present-day basal erosion rates are likely
to be low. The combination of rock type and valley
topography makes it unlikely that the upper part of the
glacier has generated large quantities of fine-grained till. It
appears more likely that the glacier overrode talus material
with poorly sorted angular clasts.

One independent line of evidence comes from a
hydraulic conductivity experiment conducted close to line
TRAN1. The conclusion of this work was that the bed
material is mostly frozen and supports only a small hydraulic
conductivity (Kulessa and Murray, 2003). During hot-water
drilling of access holes, Kulessa and Murray (2003) found
that the ice–bed interface was poorly defined, and surmised
that this was due to regelation of basal ice into the
underlying substrate. Four out of five boreholes drilled to
the bed had little or no hydraulic conductivity. The fifth site
did demonstrate water evacuation but with a low conduct-
ivity value of (1.9�0.5)�10–5m s–1.

The results of the hydraulic conductivity experiments are
consistent with the theory that the bed is comprised of
frozen talus. The bedrock clasts (medium- to high-grade
metamorphic rock) are likely to have little or no permea-
bility; therefore, any hydraulic conductivity must take place
around the clasts, not through them. If the interstitial water is
mostly frozen, then the majority of boreholes to the bed will
have no hydraulic conductivity but there may be some
limited water pathways at the ice–clast interfaces.

We speculate that the valley now occupied by midtre
Lovénbreen had extensive rockfall-fed talus aprons prior to
the formation of the glacier. If the glacier then advanced over
this material in the same way as Larsbreen, a layer of frozen
talus could have been preserved. In the absence of direct
sampling of the sub-bed material, we cannot prove the talus
hypothesis, thus we continue with a description of the bed
material as permafrost (talus?). We next consider what the
thickness of the permafrost (talus?) unit is.

Determination of subglacial permafrost thickness
There was a reflection on the seismic data on each of the
seismic lines that arrived 3–8ms after the reflection from the
glacier bed (Figs 4–6). We interpret this reflection as the
interface between the permafrost layer and the bedrock. If
we assume a seismic wave speed through the permafrost
layer of 3300–3500m s–1 (which is compatible with the
wide-angle reflection/refraction interpretation), then the
thickness of the layer is 5–13m. From Figure 9, a wave
speed in the permafrost of 3300–3500m s–1 implies a
material comprised of 40–45% rock, 5–15% water and
45–50% ice. There are places where it was not possible to
distinguish separate reflections, (e.g. 400–420m on line
TRAN1). When reflecting interfaces come close together, the
reflected seismic wavelets begin to interfere, creating
constructive and destructive interference which produces
variation in the reflection amplitude. We next consider
seismic wavefield modelling to determine to what extent this
thin-layer phenomenon affects our data.

Fig. 11.Wave equationmodelling of line TRAN1. (a) Observed seismic data. (b) Synthetic seismic section generated using model shown in (c).
Events are: B – bed reflection; T – base of frozen talus; G1 – shot ghost from bed, i.e. energy reflected by the surface before reflecting from the
bed, which should arrive about 11ms later than the primary reflection; G2 – shot ghost from the bedrock surface. The synthetic data were
generated as shot records and then put through the same processing sequence as the observed data. The shot ghost from the bedrock is more
prominent on the model data probably because whereas the model has a well-defined talus–bedrock interface, the real situation is that the
interface is more diffuse and undulating on a small scale, resulting in a smaller amplitude reflection for both primary and ghost. (d) Seismic
bed reflection energy. Observed data (solid line) show high values over lows in the bed and low values over highs. Single interface model
(dashed line) shows the same pattern but a lower magnitude. Reflection energy is best modelled using a thin layer of frozen talus over bedrock.
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To confirm that our interpretation matched all aspects of
the data, we constructed two acoustic models of line TRAN1
and computed the seismic response of each. One model
included a variable-thickness layer of permafrost, the other
assumed that the same material was >100m thick every-
where. We used a finite-difference wave equation modelling
technique available in the ProMax1 seismic-processing
software. This involves defining a model space using a
series of polygons with appropriate velocity and density
parameters. The positions of shots and geophones are also
defined, as is the peak frequency and wavelet type. We used
350Hz and a Ricker wavelet (even though this wavelet is
broader than the source wavelet derived from the unpro-
cessed shot records) in order to better match the processed
section which was bandpass-filtered and stacked. Starting
from the shot location, the propagation of a seismic wave
through successive gridcells was then computed, based on
the physical properties of the cell. Reflection and transmis-
sion at each model boundary were treated correctly. The
result is a set of model shot records, equivalent in geometry
to the observed shot records, which we then put through the
same processing sequence as the observed data, to provide
as close a comparison as possible.

The variable-thickness (0.5–13.0m thick) model is shown
as Figure 11. This model shows that, for a 350Hz wavelet,
where the subglacier layer is more than �6m thick, the
modelled reflections from the top and the base of the layer
are distinct. Where the layer is between �3 and �6m thick,
the top and basal reflections constructively interfere with
each other. Below 3m thickness, the separate reflections
cannot be distinguished.

Interference between the reflections from two closely
spaced interfaces can either increase or decrease the
amplitude of the seismic return. Undulations in the
reflecting horizon also change the amplitude by focusing
or defocusing the wave fronts. The results from the two
models allow us to estimate the relative importance of the
two effects. The amplitude of the bed reflection is best
represented by an energy term which is computed by
summing the squared amplitude values over a complete
cycle of the reflected wavelet. The reflection energy results
for the two models are shown in Figure 11d. It is clear that
the bed topography alone can account for the pattern of
highs and lows in the reflection energy (the highs scatter
energy outside the recording array, thus reducing the
amplitude, while the lows focus energy onto the recording

array with the opposite effect), although the magnitude is not
well modelled. By introducing a variable thickness layer
lying between ice and bedrock, the magnitude of the
reflection energy variation is modelled much more closely.
The match between observed and modelled reflection
energies could be improved even further by more detailed
variations in the thickness of the permafrost layer. However,
this would only solve for a two-dimensional case, whereas it
is clear from line LONG that there is also significant bed
undulation in the along-flow direction and therefore some of
the variability in observed bed reflection energy on TRAN1
could be due to unknown cross-line bed topography.

A reasonable match between modelled and observed
reflection strengths on line TRAN1 was therefore achieved
using the measured bed topography and a frozen talus layer
of varying thickness, with constant physical properties. This
result, combined with the observation that the reflection
immediately following the bed arrival (Figs 4a, 5a and 6a) is
remarkably continuous over all three lines, suggests that the
properties of the subglacier layer do not vary significantly
laterally.

The interpreted permafrost (talus?) thicknesses are shown
in Figure 12. On line TRAN0 the layer is �5m thick over
most of the profile, and thickens to �10m over the last 60m
at the eastern end of the profile. On line TRAN1, which is
further up-glacier, the interpreted thickness is variable
between 0.5 and 13.0m. On line LONG, the interpreted
thickness is mostly between 5.0 and 7.5m. There is no
obvious correlation between permafrost thickness and the
presence or absence of overlying temperate ice. The
implication from the acoustic impedance value for the
permafrost is that there is likely to be some water present,
hence the ice matrix is temperate and there is little or no
thermal discontinuity between the base of the glacier and
the permafrost.

CONCLUSIONS
Our interpretation of the seismic and radar data from midtre
Lovénbreen is that the bed of the glacier comprises a thin
layer of permafrost over bedrock. Based on the geology and
geometry of the setting, we favour an interpretation that the
permafrost is a frozen talus deposit. This is a somewhat
speculative interpretation but the one which seems to best fit
all the observations. The layer varies between 0.5 and 13.0m
in thickness, with the greatest thickness adjacent to the

Fig. 12. Interpreted glacial and subglacial structure beneath the seismic lines on midtre Lovénbreen. We conclude that over most of the area
surveyed, the glacier sits on a bed of permafrost which we speculate is frozen talus. The talus is up to 13m thick, with the thickest sections
towards the southeast flank of the glacial valley. Question marks denote the limits of the seismic data.
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southeast side of the glacier. The composition of the frozen
talus is thought to be 40–45% rock, 5–15% water and 45–
50% ice. We suggest that similar basal conditions may exist
beneath some other small valley glaciers in Svalbard where
the glacier shape, orientation and geological setting are
similar. In the absence of a glacier in the valley currently
occupied by midtre Lovénbreen, the dominant landform
type can be expected to be talus aprons flanking the sides of
the valley. The example of Larsbreen shows that a glacier can
develop over the talus in such a situation, leaving significant
quantities undisturbed because erosive action was absent at
the bed. We emphasize that this is not a model applicable to
all small valley glaciers on Svalbard as we suspect that the
influence of geology is particularly important.

These characteristics are significantly different from the
generally larger surge-type glaciers in Svalbard (Jiskoot and
others, 2000). An example of this type of glacier is
Bakaninbreen, which has a thick layer of debris-rich basal
ice and where some parts of the bed have reflection
properties characteristic of unfrozen sediment (Murray and
others, 2000; Smith and others, 2002). The geological
settings of Bakaninbreen and midtre Lovénbreen are very
different. Bakaninbreen has bedrock of sandstone and
limestone, which are relatively soft rocks compared with
the gneiss, mica-schist and phyllite that form the bedrock of
the upper parts of midtre Lovénbreen. In addition, Bakanin-
breen is more than three times as long as midtre Lovénbreen
and parts occupy a formerly marine trough. Thus Bakanin-
breen has softer source rocks and a longer erosion path
compared with midtre Lovénbreen, conditions conducive to
the generation of large amounts of fine-grained till. The
evidence from drilling and sampling the basal sediments
beneath Bakaninbreen suggests the presence of copious fine
sediment (Murray and Porter, 2001).

The implication for midtre Lovénbreen is that the basal
material beneath the present footprint of the glacier is not
able to support fast flow. It is neither bare bedrock against
which a pressurized water film could be generated to
provide lubrication, nor is it soft till capable of dilation and
failure under shear. In the past, when the glacier was larger,
the distal part lay over softer rocks and the till of the present
forefield. Therefore, the bed of the glacier would have had
mixed properties and we suggest that motion would have
been dominated by internal deformation rather than basal
processes. We therefore concur with Jiskoot and others
(2000) that midtre Lovénbreen is not a surge-type glacier.

Midtre Lovénbreen is used as a ‘study glacier’ for the
scientific community in Svalbard, and a large number of
studies have been based there. Our results cast doubt on its
use as an analogue for larger glaciers in Svalbard, having
distinct basal boundary conditions. Furthermore, hot-water
drilling techniques are unlikely to make hydraulic connec-
tion with the ill-defined bed of the glacier.
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APPENDIX
BALANCING THE SHOT ENERGY
The amplitude of the reflection from an interface is
determined by the amplitude of the incident acoustic wave,
the geometry of the interface, the geometry of any other
close-by interfaces and the contrasts in acoustic properties
across all interfaces. The absolute amplitude of a seismic
reflection is difficult to measure in the field because of the
number of uncontrolled variables, particularly the cali-
bration of geophones and the efficiency of the coupling of

the geophone to the ground surface. However, relative
changes in amplitude contain valuable information about
changes in the acoustic properties or geometry of the
reflectors. It is therefore important to minimize shot-to-shot
variations in the source or receiver characteristics.

For homogeneous ice, use of identical charges, placed at
the same depth, recorded by the same instrument, with the
same geophones should produce very similar records for the
direct waves from each shot. However, analysis of the data
from midtre Lovénbreen showed that the different shots were
very variable. This variability was assessed by measuring the
total energy in the combined direct arrivals, that is the
compressional and shear waves and the surface-coupled
shear waves that travel direct from the source to the
geophones. We term this the ‘source energy’ and calculate
it by summing the energy (i.e. the square of the amplitudes)
on all 24 traces over the first 40ms of each shot record. To
the first order this included similar waveforms for all shots,
while excluding the bed reflection. This measure of source
energy would ideally be the same for each shot; however,
we found that this was not the case (Fig. 3). There is
considerable shot-to-shot variability (the maximum energy
value on line LONG is >300% of the minimum), as well as
an overall trend (an increase with downstream distance on
line Long 1). There are three potential reasons for differences
in the source energy: (1) the geophone coupling and
response; (2) the ray paths (i.e. the routes the seismic energy
takes between source and geophones); and (3) shot effects.

Geophone coupling: The geophones were spaced at 10m
intervals and the shots at 20m intervals. Moving the spread
between shots involved unclipping the geophones from the
cable, moving the cable along the line by 20m and re-
clipping the 22 undisturbed geophones into the new
channels, while planting two new geophones at the
advancing end of the cable. Therefore, each adjacent shot
was recorded by 22 geophones that were undisturbed
between shots. Hence, variation in geophone coupling or
response is not a likely explanation for the variability in
recorded source energy.

Ray paths: Because the shot points and geophone spread
moved only a short distance along the line (20m) in
comparison to the size of the geophone spread (230m long),
there was a large overlap between the ray paths from
adjacent shots. The effects on the recorded amplitudes of
any small-scale (�10–20m) variations in the acoustic
properties of the near-surface should be averaged out by
taking the total source energy across the whole spread. This
suggests that the effect of different ray paths should cause
little variation in the source energy from shot to shot, though
it does not preclude the influence of large-scale changes in
the acoustic properties of the glacier.

Shot effects: Possible reasons for variability in the coupling
of explosive energy into the glacier are:

1. The length of time between loading the hole and firing the
shot, which could affect the degree to which the water
used to drill the hole had refrozen around the charge.
However, no systematic relationship between source
energy and time separating loading and firing was found.

2. Variability in the properties of the ice surrounding the
charge. Hambrey and others (2005) describe debris
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layers, clear ice layers and bubbly ice layers which are
folded together within the upper part of the glacier. The
different physical properties of these layers could affect
coupling of shot energy, depending on what type of layer
exists at the base of the shot hole.

3. Surface variations (e.g. snow thickness or properties).

4. Failure to initiate some parts of the explosive (each
charge comprised several smaller charges secured
together by tape and half-hitches in the detonator wires).

We therefore conclude that effects at or immediately around
the shot are the most likely reason for source energy
variability, although we cannot determine which of these

last three possible factors actually cause the variations in
source energy. However, as the reflection from the glacier
bed is of particular interest, we normalized the source
energy for all the shots along each line in the following way.
We computed a scalar multiplier for each shot based on its
source energy compared with the average source energy in
all the shots on the line. This multiplier was then applied to
all samples of the shot record. After balancing all the shots in
this way, common depth-point gathers were formed, the
normal move-out correction was applied and the traces
were stacked. Any differences in reflected energy from the
bed of the glacier on the final stacked section should arise
only from variations in the glacier bed, rather than from any
source effects.
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