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ABSTRACT. As ice streams flow into the Ross Ice Shelf, West Antarctica, their bed coupling transitions

from weak to transient to zero as the ice goes afloat. Here we explore the nature of the bed across these

crucial grounding zones using ice-penetrating radar. We collected several ground-based 2MHz radar

transects across the grounding zones of Whillans and Kamb Ice Streams and inferred bed-reflectivity

changes from in situ measurements of depth-averaged dielectric attenuation, made possible by the

observation of both primary and multiple bed echoes. We find no significant change in the bed

reflectivity across either grounding zone. Combined with reflectivity modeling, this observation suggests

that a persistent layer of subglacial water (>�0.2m) is widespread several kilometers upstream of the

grounding zone. Our results are consistent with previous inferences of gradual grounding zones across

this sector of the Ross Ice Shelf from airborne radar and satellite altimetry. Separately, the only clear

bed-reflectivity change that we observed occurs �40 km downstream of the Kamb Ice Stream grounding

zone, which we attribute to the onset of marine ice accretion onto the base of the ice shelf. This onset is

much nearer to the grounding zone than previously predicted.

1. INTRODUCTION

Grounding zones are the regions of dynamic transition
between grounded ice streams and floating ice shelves;
across these zones, the ice stream progressively decouples
from its bed. It transitions from being fully grounded at the
upstream end of the grounding zone, to ephemerally
grounded within it, to fully afloat and in hydrostatic balance
with the ocean at its downstream end. Brunt and others
(2010) used repeat-track satellite-altimetry data to delineate
the grounding zone of the Ross Ice Shelf, West Antarctica
(Fig. 1), which can be up to �10 km wide. Where the ice is
already weakly grounded (e.g. the ice plain downstream of
Whillans Ice Stream), they found significant differences in
the position of the grounding zone that they inferred
compared to the grounding line inferred using other
methods (e.g. the surface-slope break of a digital elevation
model; Horgan and Anandakrishnan, 2006). Characterizing
these regions may prove critical to understanding the
interaction between grounded ice and the ocean (Winberry
and others, 2009; Brunt and others, 2010). As a result,
reducing the grounding zone to a grounding line, as is
typical for ice-sheet models, may oversimplify the already
complex ice dynamics there (e.g. Schoof, 2007).

Ice-penetrating radar surveys can potentially detect spatial
variations in the basal properties of ice masses and help
elucidate the nature of the grounding zone, particularly by
detecting the presence of subglacial water. Several studies
have described the Ross ice streams’ regional distribution of
subglacial water using radar (Shabtaie and others, 1987;
Bentley and others, 1998; Catania and others, 2003; Peters
and others, 2005; Jacobel and others, 2009). These studies

have found evidence that the bed is not uniformly wet, and
that the distribution of water is often consistent with predicted
minima in the subglacial hydraulic head, where water should
collect. The grounding lines of several Antarctic ice shelves
have been surveyed using radar (Jacobel and others, 1994;
Uratsuka and others, 1996; Bentley and others, 1998; Corr
and others, 2001; Catania and others, 2010). However, these
studies did not typically consider in detail the nature of the
bed across the grounding zone, as revealed by radar. Some of
these surveys (e.g. Bentley and others, 1998) crossed the Ross
Ice Shelf grounding zone but did not consistently detect a
clear transition in bed reflectivity there. This observation is
somewhat surprising, as the bed presumably transitions from
being grounded on till to floating on sea water and should
produce a detectable reflectivity contrast.

Here we seek to better understand the spatial variations in
basal conditions across the grounding zone of the Ross Ice
Shelf using several ground-based radar transects across the
grounding zones of Whillans and Kamb Ice Streams (Fig. 1).
We use separate radar-inferred attenuation-rate estimates for
each radar transect crossing the grounding zone, rather than
a single regional value, in order to better resolve possible
bed-reflectivity changes there. We report on bed reflectiv-
ities across these grounding zones and consider the impli-
cations for the nature of the ice/bed/ocean interface within
and near this region.

2. RADAR DATA

We collected 11 ground-based radar transects that crossed
the grounding line of the Ross Ice Shelf, as demarcated by
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Horgan and Anandakrishnan (2006) (Fig. 1). Brunt and
others (2010) picked the up- and downstream limits of ice
flexure across the grounding zone using Ice, Cloud and land
Elevation Satellite (ICESat) tracks, and we linearly inter-
polated their discontinuous grounding-zone picks onto the
positions of our transects (e.g. Fig. 2). The grounding zone
defined by Brunt and others (2010) was completely crossed
by 9 of our 11 transects. These transects were originally
collected for a study of the ice-flow history and possible
grounding-line retreat in this region.

We used a snowmobile-towed ice-penetrating radar
system similar to that described by Catania and others
(2008) and summarized here. Two resistively loaded 2MHz
dipole antennas were dragged on the snow surface at a
separation of �100m, while an impulse generator induced
2 kV pulses into the transmitting antenna. A digital oscillo-
scope recorded the subsequent voltages induced in the
receiving antenna, and a survey- or navigation-grade GPS
provided positioning. The data were demeaned and filtered
using a 0.25–10MHz bandpass. Bed-echo intensities are
calculated following Gades and others (2000); the ampli-
tudes of the reflected wave are squared and summed across
a travel-time period equal to twice that of the period
between the maximum (positive) and minimum (negative)
reflection amplitudes, i.e. the first cycle of the reflected radio
wave. We then averaged these values across the mean radius
of the first Fresnel zone for the primary bed echo in all
transects used in this study (160m). We chose not to migrate
these radar data because the characteristics of the ice/bed
interface in our study area suggest that migration is not
necessary to effectively analyze bed-echo intensities there.
The horizontal slope of primary bed echo is generally low
(<0.02 ms km–1) and the echoes themselves are generally

highly coherent; combined, these observations suggest that
migration will have a limited effect upon essentially specular
bed reflections from nadir or close to nadir.

All of our radar transects recorded both the primary bed
echo and the first multiple of the bed echo. The latter echo
reflected from the ice bottom, then the firn/air interface,
then ice bottom again, and finally was recorded by our
radar system at the surface. Multiple echoes are rarely
observed in ice-penetrating radar surveys because the total
power loss of the radio signal transmitted into the ice that
occurs along multi-kilometer ray paths is large (often
�100dB) compared to a typical radar’s system performance
(90 to >200dB; table 1 of Gogineni and others, 1998;
C. Allen, http://www.earthzine.org/2008/09/26/a-brief-
history-of-radio-echo-sounding-of-ice/). However, multiple
bed echoes have occasionally been recorded in surveys of
relatively thin (<1 km) floating ice, such as ice shelves
(Shabtaie and Bentley, 1982; Uratsuka and others, 1996),
icebergs (Peters and others, 2007) and landfast sea ice (e.g.
Stevens and others, 2009). Below we describe in detail two
characteristic radargrams from these surveys (Figs 2 and 3),
although we analyzed bed reflectivity across all transects
(Figs 4 and 5).

W1 is a 22 km long transect that crosses the lightly
grounded Whillans Ice Plain (Joughin and others, 2004;
Winberry and others, 2009) onto the Ross Ice Shelf (Fig. 2).
This transect is oriented �458 to the direction of ice flow
(Anandakrishnan and others, 2007). The sub-ice reflections
that are not multiple bed reflections include a subglacial till
wedge previously reported by Anandakrishnan and others
(2007) and several off-nadir reflections. Between km6.5 and
km10, the radar system’s receiver gain was manually
lowered by 5 dB (labeled in Fig. 2a).

Fig. 1. (a) Moderate Resolution Imaging Spectroradiometer (MODIS) Mosaic of Antarctica image (125m resolution) of grounding zone of the
Ross Ice Shelf (Scambos and others, 2007) showing the ground-based radar transects used in this study. The thin black line between the Ross
Ice Shelf and the ice streams/ridges is the grounding line determined by Horgan and Anandakrishnan (2006) (‘H&A Ib’). The white boxes and
black dots represent the landward limit of ice flexure (‘F’) and the point at which the ice shelf is in stable hydrostatic equilibrium with the
ocean (‘H’), both picked by Brunt and others (2010). Black triangles represent Ross Ice Shelf Geophysical and Glaciological Survey (RIGGS)
sites. Water-column thicknesses are from seismic data (Robertson and Bentley, 1990). Triangles with no number indicate RIGGS sites where
seismic data were either unreported or not collected.
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K4 is a 60 km long flow-parallel transect that also
recorded a complex sequence of echoes both before and
after the primary bed echo (Fig. 3), but here we focus on the
primary and multiple bed echoes. K4 is a concatenation of
three profiles collected on the same day, and there are three
low-frequency ‘waves’ visible in the data that disappear
within 5 km downstream of each concatenation. They are

associated with the radar-system warm-up after the begin-
ning of recording and are not correlated with changes in the
echo intensity of the primary bed echo or its multiple.
Compared to W1, K4 was collected using a more repeatable
impulse generator, is flow-parallel and crosses a grounding
zone that is more clearly defined by basal crevassing and a
local decrease in ice thickness. The improved impulse

Fig. 2. (a) W1 radar transect, corrected for surface elevation. Linearly interpolated grounding-line and grounding-zone picks from Figure 1
are shown as vertical dashed lines. (b) Echo intensities Pr1 and Pr2, averaged over the mean radius of the first Fresnel zone for all transects
(160m). The absolute reference value for the decibel scale is arbitrary, and Pr2 has been increased by 50 dB for simpler comparison with Pr1.
(c) Echo-intensity ratio Pr2/Pr1, ice thickness and the constrained least-squares fit to Equation (4) using the portion of the transect downstream
of the grounding line (dashed line). (d) Ice-bottom reflectivity Rib inferred from Equation (3) and the radar-derived value of Na. The horizontal
dashed line is the reflectivity of a specular ice/sea-water interface (Rib = –0.16 dB).

Fig. 3. Same format as Figure 2. (a) K4 radar transect. Note that the greyscale range is four times narrower than for Figure 2a. (b) Pr1 and Pr2.
(c) Pr2/Pr1, ice thickness and the constrained least-squares fit to Equation (4) between km13 and km40. (d) Rib.
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generator was used for all transects except W1, making W1
the noisiest of our 11 transects.

3. ATTENUATION RATE FROM MULTIPLE ECHOES

Prior to any bed-reflectivity analysis, observed bed-echo
intensities must be corrected for both system and englacial
losses. The largest uncertainty in these corrections is often
associated with the englacial dielectric attenuation (e.g.
Bentley and others, 1998), which is generally poorly known
due to the challenge of measuring it, along with its
dependence on spatially varying englacial temperature and
impurity concentrations. Previous ground-based estimates of
attenuation rates have used either common-midpoint geom-
etries (Winebrenner and others, 2003), common-offset data
with the assumption that the basal reflectivity was uniform
across the survey area (Gades and others, 2000; Catania and
others, 2003; Winebrenner and others, 2003; Jacobel and
others, 2009), or profiles of returned power vs depth
(Matsuoka and others, 2010). Below we present a new
method for inferring the depth-averaged radar-attenuation
rate from multiple bed echoes and apply it to our grounding-
zone transects.

3.1. Method

Multiple echoes have previously been used in seismic
reflection studies of ice sheets to estimate englacial acoustic
attenuation and basal reflectivity (Roethlisberger, 1972;
Smith, 1997; Peters and others, 2008). Here we adopt a
method originally developed for acoustic waves (e.g.
Roethlisberger, 1972) and apply it to radar data. We note
that our methodology does not include the common
coefficient error described by Holland and Anandakrishnan
(2009). The echo intensity Pr1 of the primary bed reflection is
given by the radar equation (e.g. Bogorodsky and others,
1985):

Pr1 ¼
PtG

2

4�ð2HÞ2
exp

�2H
La

� �
Rib , ð1Þ

where Pt is the transmitted power, G is the effective antenna
gain (identical for both transmitting and receiving antennas),
H is the ice thickness, La is the depth-averaged attenuation
length and Rib is the (power) reflectivity of the ice bottom.
We ignore loss due to birefringence and volume scattering,
because these effects are small compared to the other terms
in Equation (1) at 2MHz (equivalent to a wavelength in ice

Fig. 4. Bed reflectivity for all transects less than 25 km long, inferred using each transect’s depth-averaged attenuation rate (Table 1). The
‘fitted’ portion of the transect is that over which the depth-averaged attenuation rate is calculated by assuming that the bed reflectivity was
equal to that of a specular ice/sea-water interface (–0.16 dB). The ‘unfitted’ portion is the remainder.
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of �85m; MacGregor and others, 2007). For a typical radar
survey, most quantities in Equation (1) except Pr1 and H are
poorly known, so La cannot be reliably estimated. However,
if a multiple bed echo is also recorded, then many of the
quantities in Equation (1) can be eliminated. The echo
intensity Pr2 of the first multiple bed reflection is

Pr2 ¼
PtG

2

4�ð4HÞ2
exp

�4H
La

� �
Rib

2Rfa , ð2Þ

where Rfa is the (power) reflectivity of the firn/air interface.
Equation (2) accounts for the additional attenuation and
geometric spreading due to the extra round-trip that the
radio wave travels, the reflection at the firn/air interface, and
the second reflection at the bed. The echo-intensity ratio of
Pr2 to Pr1 is:

Pr2
Pr1

¼ 1

4
exp

�2H
La

� �
RibRfa: ð3Þ

Using Equation (3), we can infer La from observations of
Pr2/Pr1 and H, and estimates of Rib and Rfa, discussed below.
To determine the best-fit La value, we calculate a linear least-
squares fit to Equation (3) in log space that is constrained to
pass through the origin:

log e
4

RibRfa

Pr2
Pr1

� �
¼ � 2

La
H: ð4Þ

Finally, we convert La (m) to a depth-averaged attenuation
rate Na (dB km

–1) as (Winebrenner and others, 2003)

Na ¼
4343

La
: ð5Þ

Although each radar trace could, in principle, be used to
obtain an independent estimate of Na, the observed values
of Pr1 and Pr2 are noisy (e.g. Fig. 2b), so we prefer to use a
best-fit value using data from regions where Na, Rib and Rfa
are argued to be uniform. In this sense, the multiple-echo
method of estimating attenuation is restricted in the same
way as the common-offset method of Winebrenner and

others (2003), i.e. both methods require radar data from a
range of ice thicknesses over which Na, Rib and Rfa are
assumed to be uniform.

We use a constrained linear least-squares fit in log space,
rather than an unconstrained fit, because the ice-thickness
range over which we fit these data (typically <50m and
sometimes <5 m; Table 1) is small relative to the mean ice
thickness (590m) and the expected attenuation lengths
(�150–250m). In log space, the y-intercept of Equation (3) is
RibRfa/4, therefore these data could be used to constrain the
product of the interface reflectivities, RibRfa. However, an
unconstrained fit using a relatively small ice-thickness range
cannot adequately determine the value of RibRfa/4 at zero
ice thickness. Separate calculations using an unconstrained
fit produce widely varying attenuation-rate estimates com-
pared to most previously reported radar-derived values for
this region (Jacobel and others, 2009).

3.2. Firn/air reflectivity

The firn/air reflectivity, Rfa, depends on both the abrupt
discontinuity in complex permittivity at the firn/air interface
and its depth profile in the near-surface firn. We assume Rfa
only depends on the real part of the complex permittivity
(hereafter permittivity) and that the firn properties that affect
permittivity (primarily density) do not vary significantly
across our study region. For all transects, we use the same Rfa
value, whose calculation is described below.

The nearest measured depth–density profile to our
transects is from the J-9 ice core on the Ross Ice Shelf
(Langway, 1975). The depth–density profile was also meas-
ured at Siple Dome, but we consider the J-9 profile to be
more likely to be representative of the density profile at the
ice-stream grounding zones, which are at lower surface
elevations than Siple Dome.We approximated the J-9 depth–
density profile as a second-order polynomial and converted it
into a permittivity profile following Looyenga (1965),
assuming the permittivity of ice is 3.2. We then used this

Fig. 5. Bed reflectivity along longer transects K2, K3 and K4. Same format as Figure 4.
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profile in an integration of the Riccati equation for reflectivity
(Sylvester and others, 1996). We account for the abrupt firn/
air interface by adapting the acoustic calculation of Wine-
brenner (1991) to the case of electromagnetic waves. From
these methods, we obtain Rfa = –17�1.5 dB, which primarily
depends (to within <1 dB) on the abrupt firn/air interface,
rather than the permittivity profile. The uncertainty in Rfa is
based on the residuals of the polynomial fit to the J-9 density
profile, which are propagated through the calculation of Rfa.
This modeled value of Rfa and its uncertainty are close to
(within 1 dB of) the mean and standard deviation of Rfa that
Peters and others (2005) inferred from airborne radar data
collected over Kamb Ice Stream.

3.3. Ice/sea-water reflectivity

For the portions of the transects where we calculate the best-
fit attenuation rate, we assume that the ice bottom is a
smooth ice/sea-water interface, identical to the approach
taken by airborne radar surveys to estimate attenuation over
ice shelves (Bentley and others, 1998; Peters and others,
2005). We assume that the reflection is specular at 2MHz
and calculate its reflectivity (Rib = –0.16 dB) using the
Fresnel equations and the complex relative permittivities
of ice ("ice = 3.2 – 0.63i) at the bed; MacGregor and others,
2007) and sea water ("sea-water = 79.7 – (2.4� 104)i) at
2MHz. The values for sea water are from measurements
by Ellison and others (1998) at a frequency of 3GHz and
temperature of –28C.

3.4. Application to grounding-zone transects

Because of the range in transect extents across the grounding
zone, and because of features unique to some transects, we
make several minor adjustments to the method described
above. For each transect, we calculate the depth-averaged
attenuation rate using the portion of the transect that is
downstream of the Horgan and Anandakrishnan (2006)
grounding line and does not contain any significant noise
from hyperbolic echoes likely due to basal crevassing
(Table 1). An example of the effect of basal crevassing upon
Pr1 and Pr2 is observed between km0 and km7, and at km28
and km36 of transect K4 (Fig. 3b). For transects K2–K4,
which have a large portion of data (>40 km) downstream of
the point at which the ice stream is in hydrostatic equilibrium

with the ocean (point ‘H’ in Fig. 1), we only use data
downstream of that point. One exception to this approach is
transect K1, which did not extend beyond the regular basal
crevassing downstream of the grounding line (its basal
crevassing is similar to K4; Fig. 3a). For this profile, we used
a portion of the transect upstream of the grounding line that is
free of basal crevassing. Interestingly, this reversed approach
did not produce a noticeably different result.

For transect W1 (Fig. 2), there is no significant change in
Pr1, Pr2 or Pr2/Pr1 across most of the transect. There is also no
clear trend between ice thickness and Pr2/Pr1, despite
extending >10 km downstream of the well-defined ground-
ing line there (Horgan and Anandakrishnan, 2006). The
decrease in Pr1 and Pr2 upstream of km10 appears to be due
to destructive interference from a basal crevasse. Between
km6.5 and km10, where the receiver gain was manually
lowered, Pr1 and Pr2 are �5 dB lower than adjacent sections
of this transect. However, Pr2/Pr1 values along this portion of
this transect remain unchanged. This receiver-gain change
serendipitously provides additional confirmation that the
echo observed at twice the travel time of the primary bed
echo is indeed its first multiple, rather than a possible artifact
of the radar system itself (Catania and others, 2006), and that
Pr2/Pr1 is a robust quantity to use to infer attenuation.

Between km5 and km7 along transect K4 (Fig. 3), Pr2/Pr1
does not vary smoothly and is noisier than the rest of the
transect, likely due to the presence of basal crevasses and
variability in ice thickness in this region. Downstream of
km40, Pr2/Pr1 decreases with decreasing ice thickness,
contrary to its predicted behavior (Equation (3)). We therefore
only use Pr2/Pr1 values between km13 and km40 to calculate
the depth-averaged attenuation rate. There, the assumption
of uniform bed reflectivity is reasonable. The uncertainty in
attenuation rate for this transect is negligible (Table 1),
because of the higher signal-to-noise ratio of the K4 data.

Our depth-averaged attenuation rates (Table 1) are similar
to previously reported values for this region (summarized by
Jacobel and others, 2009), although uncertainties are often
large where the ice-thickness range is small. Using our
attenuation-rate values, we estimated along-transect values
of Rib, assuming that the attenuation rate is uniform along
the entire transect (Figs 2d and 3d). We assumed a uniform
value of Rib across the floating portion of the transect in

Table 1. Radar-derived depth-averaged attenuation rates for all transects in this study

Region Transect Total length Length of fit Ice-thickness range for fit Depth-averaged attenuation rate*

km km m dBkm–1

Whillans Ice Plain W1 22.2 11.0 35.5 20.8�9.9
W2 19.6 6.4 28.8 22.9�7.4

Northern KIS GZ{ K1 9.2 9.2 2.5 23.0�5.2{

Central KIS GZ{ K2 66.1 42.1 44.9 26.8�1.3
and Ross Ice Shelf K3 58.4 25.9 31.3 27.1�7.5

K4 60.4 27.0 44.0 23.9�0.0
Southern KIS GZ{ K5 11.4 4.1 3.4 22.6�36.2

K6 9.5 9.5 13.5 27.1�26.5
K7 12.0 5.2 52.4 27.1�89.9
K8 17.5 8.2 4.2 27.1�17.3
K9 16.6 2.0 5.6 28.1�56.2

*Uncertainty is the standard error of the least-squares fit to Equation (4).
{Kamb Ice Stream grounding zone.
{For this transect, we only fitted to data upstream of the grounding line.
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order to calculate the attenuation rate. Because this
calculation essentially corrects Pr2/Pr1 for the spatial vari-
ation of ice thickness by correcting for the effects of
geometric spreading and attenuation, it highlights other
portions of each transect where the assumption of a uniform
reflectivity or attenuation rate may not be valid. We tested
several horizontal averaging lengths for Pr1 and Pr2, and
found that attenuation-rate uncertainty generally decreased
with shorter averaging lengths or no averaging, although the
attenuation rates did not change significantly. We thus kept
the horizontal averaging length as equal to the mean radius
of the first Fresnel zone, since it is a natural length scale over
which to average noisy data.

For noisier transects, such as W1, there are no clear
deviations in bed reflectivity from the assumed uniform ice/
sea-water value (–0.16 dB). Significantly positive values of
Rib are nonphysical, but the mean Rib along the entire
transect is 1.1� 0.5 dB, and there are few values outside that
range. For K4 between km5 and km7, Rib is noisier,
although its mean value between km5 and km1 is not
significantly different from that at an ice/sea-water interface.

We performed the same bed-reflectivity analysis for all
other transects (Figs 4 and 5) and found either no significant
change in bed reflectivity across the grounding zone or,
paradoxically, an increase in bed reflectivity upstream of it.
In other words, the best-fit attenuation rate across the
floating portion of each transect implies that bed reflectivity
did not significantly decrease within or upstream of the
grounding zone. We next seek to explain these observations
and their implications for basal conditions there.

4. BED-REFLECTIVITY MODELS

We assumed that bed reflectivity across the portions of the
transects over which we calculated the attenuation rate is
equal to that due to a smooth ice/sea-water interface. In this
section, we present reflectivity models that account for
subglacial water layers of variable conductivity and thick-
ness, in order to interpret bed reflectivity across the
grounding zone.

We use a three-layer reflectivity model (Fig. 6) to
calculate the total (power) reflectivity R (Born and Wolf,
1999):

R ¼ 20 log 10 r01 þ t01r12t01
exp �2iki�ð Þ

1� r12r10 exp �2iki�ð Þ

����
����, ð6Þ

where r and t are the complex (amplitude) Fresnel reflection
and transmission coefficients of each interface, respectively,
and k1 and � are the electromagnetic propagation constant
and thickness of the intermediate layer, respectively. The first
subscript for r and t indicates which medium the ray path is
traveling through upon arriving at the interface, and the
second subscript indicates which medium it is incident
upon. This model accounts for both multiple reflections and
attenuation within the intermediate layer. A three-layer
model is necessary because the thicknesses of the inter-
mediate layers considered here are often less than their skin
depth, which implies that the reflection from the bottom
interface can interfere with the total reflected wave,
depending on the wavelength in the layer and the layer
thickness. A potential disadvantage of this model is that it
assumes that the interfaces are abrupt and smooth relative to
the englacial wavelength of our radar system (85m).

4.1. Ice/brackish-water/sea-water

Basal melting below the ice shelf may produce a brackish
water layer of variable thickness and conductivity (propor-
tional to its salinity; Ellison and others, 1998) just below the
ice bottom that decreases Rib for floating ice, relative to a
smooth ice/sea-water interface. Transient subglacial dis-
charge of meltwater from farther upstream (Fricker and
others, 2007) or the periodic increase in sea-water influx
upstream and into the grounding zone, due to tidal forcing,
could also lead to the presence of a brackish water layer.

We calculate the reflectivity of this interface for a range of
water-layer thicknesses and conductivities, while holding
the dielectric properties of the top (ice) and bottom (sea
water) half-spaces fixed (Fig. 6). Our results differ slightly
from previous work (e.g. Shabtaie and others, 1987) due to
the frequency, the values of the dielectric properties, and the
nature of the interface considered. The water-layer thick-
nesses we consider (0.01–10m) are often smaller than their
skin depths (36m for melted meteoric ice; 0.2m for sea
water). The background conductivity of melted meteoric ice
from inland Antarctica is �10–4 Sm–1 (e.g. Röthlisberger and
others, 2000). This value is conservatively the minimum
conductivity of this brackish water layer at 2 MHz, and the
conductivity of sea water at a frequency of 3GHz and a
temperature of –28C is its maximum value (2.7 Sm–1; Ellison
and others, 1998).

If the brackish water layer has a conductivity exceeding
�10–1 Sm–1 and/or a thickness less than 1m (Fig. 7a), the
total reflectivity is dominated by the top reflection (r01 in
Equation (6)). That reflection is itself dominated by the
conductivity contrast between the ice and the water layer.
For less conductive but thicker layers, destructive inter-
ference can occur between the reflected waves from the top
and bottom interfaces of the layer. This interference is
frequency-dependent. For our radar’s center frequency
(2MHz), it causes a reflectivity decrease greater than 5 dB
at layer thicknesses of �5m and relatively low layer
conductivities (<10–2 Sm–1).

The true conductivity/salinity and thickness of the putative
brackish water layer below the ice bottom depends on the
local basal mass balance, the sub-shelf ocean circulation and
bathymetry, and transient water fluxes. The modeled mean
basal melt rate for the Ross Ice Shelf in this region is only

Fig. 6. Illustration of three-layer reflectivity model of ice/bed
interface. Arrows represent ray paths; dashed lines represent half-
spaces.
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�0.4ma–1 (Holland and others, 2003). Although basal melt
rates near the grounding lines of some Antarctic glaciers may
reach 40ma–1 (Rignot and Jacobs, 2002), Catania and others
(2010) found limited evidence of basal melting across the
nearby Siple Dome grounding line, and Matsuoka and others
(2009) suggested an order-of-magnitude decrease in basal
melt rates from the northern to the southern relict grounding
lines for Kamb Ice Stream. A brackish layer thicker than 1m
seems unlikely to persist underneath the ice shelf, unmixed
with sea water. Any significant brackish layer will probably
have a conductivity greater than 10–1 Sm–1 (an intermediate
value between sea water and that reported by Engelhardt and
others, 1990a). We conclude that the reflectivity of an ice/
brackish-water-layer/sea-water interface at 2MHz is effect-
ively the same as that of the ice/sea-water interface (to within
�1 dB) for any reasonable variation in the properties of the
intermediate layer.

4.2. Ice/brackish-water/till

On grounded ice, which is most likely underlain by a layer
of deformable till in our study area, the nature of the ice
bottom is inevitably more complex. The till may be water-
saturated, water channels may be present, and the till may
be patchy or of varying lithology. The reflectivity of an ice/till
interface depends upon the degree of water saturation of the
till and the dielectric properties of both the till and the pore
water it contains. A reasonable upper limit for the Fresnel
reflectivity of an ice/till interface at 2MHz is –6.5 dB,
assuming that the till is unfrozen and contains 40%
groundwater ("till = 18 – 14.8i; Anandakrishnan and others,
2007). That calculation also assumes that the till is thick
relative to its skin depth (�10m). Although the till wedge
observed by Anandakrishnan and others (2007) along W1
appears to pinch out upstream (Fig. 2a), sediment thick-
nesses of several hundred meters are widespread underneath
large portions of the Ross embayment, West Antarctica
(Robertson and Bentley, 1990; Anandakrishnan and Win-
berry, 2004). We assume that a similar layer of deformable
till is present underneath Kamb Ice Stream.

Engelhardt and others (1990a) found that the conductivity
of subglacial water from underneath Whillans Ice Stream
was �0.025 Sm–1, which is an intermediate value given the
above range (10–4–2.7 Sm–1), and equivalent to 0.9% of the
conductivity of sea water. Skidmore and others (2010) found
that the Na+ and Cl– concentrations of pore water in till
from beneath Kamb and Bindschadler Ice Streams were
4–7% and 0.2–0.4% of their concentrations in sea water,
respectively. The conductivity of sea water is linearly
proportional to its salinity (Ellison and others, 1998), so
the pore-water concentrations reported by Skidmore and
others (2010) are roughly consistent with the subglacial
water conductivity reported by Engelhardt and others
(1990a). The conductivity of a putative subglacial water
layer, or till pore water, is unlikely to be uniform across the
entire Ross ice-stream system or even an individual ice
stream. However, the similarity of the observed properties of
subglacial water between widely separated boreholes
suggests that the intermediate conductivity value reported
by Engelhardt and others (1990a) is the most appropriate for
this reflectivity model.

Figure 7b shows the total reflectivity of the ice/brackish-
water/till model. To produce a total reflectivity close to that
of an ice/sea-water interface (–0.16 dB), the brackish layer
must both have a high conductivity (>10–1 Sm–1) and be at

Fig. 7. (a) Modeled reflectivity of an ice/sea-water interface with a
layer of brackish water between, as a function of that layer’s
thickness and conductivity. Horizontal black dashed line is the
water conductivity reported by Engelhardt and others (1990a)
underneath Whillans Ice Stream. Contour interval 1 dB (both labels
and color scale). (b) Same as (a) but for an ice/till interface.
(c) Reflectivity difference between the ice/till and ice/sea-water
interfaces. Contour interval 2 dB.
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least thicker than 0.1m. Thinner brackish layers generally
produce smaller reflectivities, and destructive interference
can occur when the layer conductivity is low (<10–2 Sm–1)
and its thickness is large (�7–10m).

The difference between the ice/brackish-water/sea-water
and the ice/brackish-water/till models is shown in Figure 7c.
Where this difference is small is indicative of the range of
layer properties that could explain the observed lack of
change in bed reflectivity, which occurs when both layer
conductivities and thicknesses are large.

4.3. Roughness

Relative to a specular reflection from a smooth interface, a
rougher ice bottom will cause increased diffuse scattering
and decreased coherent backscattering (Peters and others,
2005). For all reflectivity models, we assume that reflection
from the ice bottom is specular and that the interface is
uniformly smooth. Here we evaluate this assumption by
estimating the reflectivity decrease at nadir due to rough-
ness, �, following Peters and others (2005):

� ¼ exp �g2
� �

I20
g2

2

� �
, ð7Þ

where g=4��/� and I0 is the zero-order modified Bessel
function. � is the root-mean-square (RMS) deviation of bed
elevation (Shepard and others, 2001) and � is the radar
wavelength in ice, so g can be thought of as the wavelength-
normalized bed roughness.

We divided each transect into two sections: one upstream
of the Horgan and Anandakrishnan (2006) grounding line
and one downstream of it. The value of � was less than
–0.5 dB for only two transect sections, both of which were
downstream of the grounding line and had regular basal
crevassing. This small possible effect is due to the large
englacial radar wavelength (85m). It suggests that changes
in bed roughness do not significantly affect the observed
bed-echo intensities.

5. DISCUSSION

5.1. Basal conditions across the grounding zone

Horgan and Anandakrishnan (2006) mapped the Siple Coast
grounding line via characteristic surface-elevation ‘ramps’
from satellite laser altimetry. They validated this method
near W1 and W2 using the spatial variation of tidally driven
surface-elevation changes, measured by GPS. In this region,
their grounding line is within 2 km of the landward limit of
flexure determined by Brunt and others (2010). However, we
did not detect any significant change in bed reflectivity
across the grounding zone of the W1 and W2 transects
(Figs 2d and 4a and b). This observation suggests that 2MHz
radar is insensitive to whatever changes may occur in either
the dielectric properties or roughness of the interface there.
Similarly, for the Kamb Ice Stream transects (Figs 3 and 5),
we did not detect a clear change in bed reflectivity across
the grounding line.

Overestimation of the magnitude of the attenuation rate
leads to overestimation of the bed reflectivity (and vice
versa). The englacial attenuation rate increases exponen-
tially with increasing temperature (MacGregor and others,
2007). Basal melting is predicted across most of the Ross Ice
Shelf downstream of its grounding zone (Holland and
others, 2003), which lowers the depth-averaged temperature

there relative to upstream grounded ice by removing warm
basal ice (Holland and others, 2003). This scenario implies
that our attenuation rates estimated from the floating-ice
section of each transect may underestimate the attenuation
rate on grounded ice. This underestimation is particularly
likely for the southern Kamb Ice Stream transects (K5–K9),
where basal freezing is predicted for the grounded ice
(Joughin and others, 2004), which further warm the ice
relative to downstream floating ice. Despite these thermal
considerations, bed reflectivity is roughly uniform (or even
non-physically positive) within and upstream of the ground-
ing zone for all transects studied.

Ross Ice Shelf Geophysical and Glaciological Survey
(RIGGS) seismic data show that the thickness of the water
cavity is non-negligible both within and downstream of the
grounding zone, and zero upstream of the grounding zone,
except for the Whillans Ice Plain (Fig. 1; Robertson and
Bentley, 1990). For example, the water-cavity thickness is
30m downstream of W1, 41m within the grounding zone
near K1, yet zero just upstream of K4. The given uncertainties
for these values are�5–10m, depending on the details of the
method used. Though sparse, these RIGGS data are consist-
ent with a conventional view of the grounding zone, i.e.
Kamb Ice Stream is well grounded upstream of its grounding
zone, and its ice bottom quickly separates from the sea-floor
soon after the ice goes afloat downstream, forming at least a
multi-meter water cavity. We note that, given uncertainties
present in these earlier data, they do not preclude the
presence of a thin water layer upstream of the grounding
zone, as has been inferred by several subsequent radar
studies (e.g. Bentley and others, 1998) and direct investiga-
tions (e.g. Engelhardt and others, 1990b).

A synthesis of these observations suggests two possible
scenarios: (1) we overestimated the fixed bed reflectivity
used to calculate the attenuation rate across the floating
ice, thus overestimating the attenuation rate and bed
reflectivity farther upstream; or (2) our estimate of the fixed
bed reflectivity on floating ice is accurate, and bed
reflectivity is indeed uniform across the grounding zones
crossed by our transects.

The first scenario suggests that bed reflectivity over the
floating ice is at least several decibels lower than that of an
ice/sea-water interface. We have already ruled out spatial
variation in bed roughness as a possible cause of such a
decrease. Our reflectivity models suggest that, for an ice/
brackish-water/sea-water interface, the necessary decrease
would occur only when the brackish layer had a narrow
thickness range (�5m) and a conductivity lower than that
observed underneath Whillans Ice Stream. If the floating ice
over which we fitted the attenuation rate is underlain by a
till half-space, rather than sea water, small layer thicknesses
(<1m) and high conductivities would be necessary to
reproduce the observed decrease in reflectivity. These
results imply that even several tens of kilometers down-
stream of the grounding line, as for K2–K4, the water layer
separating the ice shelf from the sea-floor has to be
surprisingly thin. Although we lack constraints on the water
thickness along most of the transects in this study, the
RIGGS data show that this scenario is unlikely, especially
for the longer transects (K2–K4).

Rather than appeal to the above scenario along all our
transects, we consider the second scenario, which suggests
that bed reflectivity did not change significantly upstream
and across the grounding zone. The difference between the

MacGregor and others: Ross Ice Shelf grounding zone from radar 925

https://doi.org/10.3189/002214311798043780 Published online by Cambridge University Press

https://doi.org/10.3189/002214311798043780


two reflectivity models must be small (<2 dB) to explain the
observed lack of bed-reflectivity change, which occurs when
the layer conductivity is >�10–1 Sm–1 and its thickness is
>�0.2m (Fig. 7c). Layer conductivities that high upstream of
the grounding zone may be possible if subglacial meltwater
originating from farther upstream has had more time to leach
impurities from till, if sea water infiltrated upstream of the
grounding line, or if the subglacial meltwater system is not
sufficiently well connected to flush out impurities (Catania
and others, 2003). Engelhardt and others (1990b) found an
active subglacial water system farther upstream on Whillans
Ice Stream, so sufficiently thick water layers may be
possible. However, the infiltration of sea water upstream is
unlikely for grounding zones that have a large surface-
elevation ramp, such as Kamb Ice Stream, which produces a
subglacial hydropotential ‘barrier’ to subglacial water flow
upstream of the grounding zone.

The unusually weak coupling of the Whillans Ice Plain to
its bed (Winberry and others, 2009) suggests that, in addition
to low driving stresses, its bed is well lubricated. Kamb Ice
Stream also has a weak bed (Joughin and others, 2004),
although it is not as strongly tidally coupled as the Whillans
Ice Plain (Bindschadler and others, 2003). In the down-
stream region of Kamb Ice Stream, ice-flow speeds are low
and any subglacial water is likely freezing to its bed. Despite
this pattern, direct observations found that its basal sedi-
ments are still lubricated (Vogel and others, 2005) and
several radar surveys have also found high bed reflectivity
across its stagnated downstream trunk (Bentley and others,
1998; Catania and others, 2003; Peters and others, 2005;
Jacobel and others, 2009). Those observations support the
hypothesis that a water-lubricated bed is a necessary but
insufficient condition for fast ice flow. Our results are also
consistent with that hypothesis, in that the bed is clearly wet
underneath grounded ice in these regions, although here we
provide additional constraints on the nature of that interface.

Jacobel and others (1994) observed a �3dB change in
bed-echo intensity within a �2 km span across the ground-
ing line of MacAyeal Ice Stream. The putative bed-
reflectivity change there differs markedly from our obser-
vations across the grounding zones of Whillans and Kamb
Ice Streams. Assuming the dielectric properties of the till in
their study area are similar to those we used in reflectivity
models for Whillans and Kamb Ice Streams, their 3 dB
increase in bed-echo intensity as they cross the grounding
line suggests lower water-layer conductivity and thickness
upstream of the grounding zone there. This difference
suggests that there is spatial variation in the nature of the
Ross Ice Shelf’s grounding zone, i.e. it is abrupt in some
regions and gradual in others.

5.2. Transition from basal melting to accretion?

A portion of the K4 transect shows an unusual pattern in the
relationship between Pr2/Pr1 and ice thickness. Downstream
of km40, Pr2/Pr1 begins to decrease steadily, although ice
thickness continues to decrease smoothly (Fig. 3c). This
pattern is contrary to the predicted inverse relationship
between Pr2/Pr1 and ice thickness (Equation (3)). It suggests
either a decrease in the bed reflectivity or an increase in the
attenuation rate there. We rule out any change in the firn/air
reflectivity because the echo intensity of the primary bed
echo, which is independent of the firn/air reflectivity
(Equation (1)), also begins decreasing at km40. Based on
flow stripes visible in the Moderate Resolution Imaging

Spectroradiometer (MODIS) Mosaic of Antarctica (MOA;
Fig. 1), K4 is historically flow-parallel along its entire length,
and the continuity of those flow stripes suggests that the ice
shelf does not become lightly grounded there.

If we attribute this change in the trend of Pr2/Pr1 entirely
to bed reflectivity, it requires a cumulative decrease of �4dB
by the end of the transect. Such a decrease could be due to
either increasing interface roughness or a less distinct, slushy
interface, such as an accreting ice-shelf bottom (Engelhardt
and Determann, 1987). However, the RMS deviation of bed
elevation does not increase, so we do not suspect a
significant change in the ice-bottom roughness. The change
in trend could also be explained separately by a cumulative
increase in the depth-averaged attenuation rate of �2.5 dB
km–1 by the end of the transect, 10 km downstream of the
onset of this change in trend. Following MacGregor and
others (2007), simple one-dimensional attenuation-rate
modeling (assuming uniform chemistry) shows that such
an attenuation-rate increase is equivalent to an increase in
the mean ice-column value of either temperature (+1.8 K),
acidity (+0.7 mmol L–1), salinity (+5 mmol L–1) or a combin-
ation of smaller changes in these properties. However, such
changes are large compared to the expected horizontal
spatial variation of depth-averaged temperature or chemistry
across 15 km along a flowline (MacGregor, 2008).

Although we cannot unambiguously distinguish the
nature of the decrease in the primary bed-echo intensity
near the end of K4, the onset of basal ice accretion is the
most likely cause. Ice-penetrating radar is doubly sensitive to
the onset of basal accretion, due to the probable decrease in
bed reflectivity, and the increase in attenuation rate associ-
ated with warmer marine ice. Bentley and others (1998) also
proposed basal accretion as a possible cause of the left-
skewed range of bed reflectivities observed using airborne
radar over the Ross Ice Shelf (see also Neal, 1979). Neither
an increase in ice-bottom roughness nor a persistent
brackish water layer can reasonably explain the reflectivity
decrease along K4 beginning 40 km past the grounding line.

Ice–ocean modeling predicts basal melting near the
grounding line and slower basal accretion confined to the
central cavity of the Ross Ice Shelf, >200 km downstream of
the Kamb Ice Stream grounding line (Holland and others,
2003). Our K4 transect suggests that the onset of basal
accretion is much closer to the grounding line than
previously predicted. Curiously, transects K2 and K3 do
not show the same change in Pr2/Pr1 as K4 (Fig. 5), yet they
are only 10 and 5 km farther north, respectively. Catania and
others (2010) found evidence in radar stratigraphy that the
pattern of sub-ice-shelf melting near the grounding line in
this region can be more highly focused than previously
predicted. Combining these results, we suggest that existing
basal mass-balance models do not yet adequately resolve
the pattern of basal melting and accretion near the
grounding line, possibly causing modeled basal melting to
skew farther downstream. Additional ice-thickness and sub-
ice-shelf bathymetry data will permit ice-shelf–ocean mod-
eling at finer resolution and help resolve this apparent
difference, along with the finer spatial variability of basal ice
accretion underneath the Ross Ice Shelf.

CONCLUSIONS

We have presented a method for inferring depth-averaged
englacial radar-attenuation rates from multiple echoes, and

MacGregor and others: Ross Ice Shelf grounding zone from radar926

https://doi.org/10.3189/002214311798043780 Published online by Cambridge University Press

https://doi.org/10.3189/002214311798043780


have shown that changes in Pr2/Pr1 can help detect and
interpret changes in bed reflectivity. Increasingly sensitive
and higher-power radars will allow the use of this technique
in thicker, colder and/or grounded ice. Indeed, multiple bed
echoes have also recently been observed in radar data
collected over grounded ice in East Antarctica (Jacobel and
others, 2010; personal communication from D. Braaten,
2009). When designing an ice-penetrating radar survey, a
trade-off must typically be made between the length of the
recording time window and the number of stacks used to
average out incoherent noise, i.e. a longer time window
necessitates a smaller stack (and vice versa). Our results
emphasize the value of recording traces for a sufficiently
long time window to detect and potentially make use of
multiple echoes.

From the perspective of radar bed reflectivity, we find that
the grounding zone is often ambiguous. By measuring
attenuation rates near the grounding line, we have shown
that bed reflectivity does not decrease significantly across
the transition zone from grounded to floating ice. This
observation supports existing arguments that a zone of weak
ice–bed coupling at least several kilometers wide exists for
Whillans Ice Stream, and that the bed of Kamb Ice Stream is
still wet upstream of its grounding line. From straightforward
reflectivity modeling, we suggest that a persistent conduct-
ive water layer upstream of the grounding zone best explains
the observed lack of change in bed reflectivity. We also find
the onset of basal ice accretion can be much closer to the
Kamb Ice Stream grounding line than existing basal mass-
balance models suggest. Additional direct (e.g. borehole
drilling) or indirect (common-midpoint radar and/or seismic
survey) investigations could resolve the remaining ambiguity
concerning the nature of the bed across the Ross Ice Shelf
grounding zone, and any other ice shelves whose basal
transition is especially gradual.
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